Abstract. The Absorbing Aerosol Index (AAI) is a useful tool for detecting aerosols that absorb UV radiationespecially in cases where other aerosol retrievals fail, such as over bright surfaces (e.g. desert) and in the presence of clouds. The AAI does not, however, consider contributions from scattering (hardly absorbing) aerosols and clouds: they cause negative AAI values and are usually disregarded. In this paper, we demonstrate the use of the AAI's negative counterpart, the SCattering Index (SCI) to detect scattering aerosols. Consideration of the full UV Aerosol Index scale is of importance if the Aerosol Index is to be used for the quantification of aerosol absorption in the future.
Introduction
Due to the large variety of sources, aerosol particles have strongly varying microphysical properties. As a consequence, aerosol optical properties (aerosol optical thickness (AOT), single scattering albedo (ω 0 ), and phase function), and their respective wavelength dependences can differ markedly for different aerosol types. This issue causes difficulties for the retrieval of aerosol parameters by passive satellite instruments. Another important complicating factor is the existence of an aerosol particle size distribution, rather than a single unique particle size: this causes a smooth, wavelength-dependent effect on remotely sensed optical spectra that is difficult to distinguish from changes in wavelength-dependent surface albedo. Also, aerosol parameters are usually not retrieved in the presence of clouds, meaning that many measurement points are discarded, and that results averaged over certain periods are biased towards cloudless scenarios.
Some thirteen years ago, a "new absorbing aerosol index" was introduced (Hsu et al., 1996) that was found to be very sensitive to UV-absorbing aerosols. This aerosol index is based on the measurement of the reflectance at two wavelengths in the UV coupled with radiative transfer modelling of the Rayleigh atmosphere. It was developed for TOMS, but in later years was adapted for use with GOME de Graaf et al., 2005a) , SCIAMACHY (de Graaf et al., 2005b) , and OMI (Torres et al., 2007) . The Absorbing Aerosol Index (AAI) has proven to be very useful for studying UV-absorbing aerosols, in particular biomass burning aerosols (e.g. Hsu et al., 1996 Hsu et al., , 2003 Herman et al., 1997; Gleason et al., 1998; Fromm et al., 2005 Fromm et al., , 2006 de Graaf et al., 2006) and desert dust (e.g. Herman et al., 1997; Chiapello et al., 1999; Mahowald and Dufresne, 2004; Darmenova et al., 2005; de Graaf et al., 2006) . This is despite the fact Published by Copernicus Publications on behalf of the European Geosciences Union.
that quantitative information on aerosol optical thickness or single-scattering albedo is hard to obtain due to the strong height dependence of AAI (Herman et al., 1997; Hsu et al., 1999; Mahowald and Dufresne, 2004) . Three reasons that make AAI such a useful quantity are: (1) It is not very sensitive to surface type, which allows retrieval over land and water alike using the same algorithm. (2) The AAI can be retrieved in the presence of clouds, and is in fact even more susceptible to absorbing aerosols above strongly reflective surfaces (clouds, snow, ice) Hsu et al., 2003; de Graaf et al., 2007) . (3) The AAI contains information about aerosol layer height (Herman et al., 1997; Torres et al., 1998; Hsu et al., 1999; Mahowald and Dufresne, 2004; de Graaf et al., 2005a) .
In this paper, we introduce the UV SCattering Index (SCI). It is defined as the negative part of the UV Aerosol Index (UVAI), just like the AAI is the positive part of the UVAI. Like the AAI, the SCI is an indicator for the presence of aerosols, in this case scattering aerosols (meaning aerosol particles with no or weak absorption in the UV range, ω 0 >0.9), and clouds. Although the fact that scattering aerosols cause negative UVAI values was acknowledged in the past (Herman et al., 1997; Torres et al., 1998; de Graaf et al., 2005a) , to the authors' knowledge, no detailed investigations on the SCI have been performed so far.
We chose to use the SCIAMACHY instrument for this study because it has a lot of potential for characterizing aerosols in detail. The instrument covers a large wavelength range from the UV and the visible range to the near-IR. SCIAMACHY spectra are mainly used for trace gas analysis using the DOAS method (Platt and Stutz, 2008; Bovensmann et al., 1999; Wagner et al., 2008) . SCIAMACHY offers the possibility to detect aerosol effects on radiance at many different wavelengths, in addition to providing information from trace gas absorption features that are also affected by the presence of aerosols (e.g. O 2 or O 4 , see Koelemeijer et al., 2001; Wagner et al., 2004; van Diedenhoven et al., 2005) . Such a large number of independent measurements may be of use for the accurate retrieval of aerosol optical properties in the near future. Another important advantage of the large wavelength range of SCIAMACHY is that aerosol properties can be studied at UV and visible wavelengths, where their signal is usually strongest, whereas clouds can be detected at visible to near-IR wavelengths, where the influence of aerosols is much weaker (e.g., de Graaf et al., 2007) .
The paper is structured as follows: in the following three sections, we give a short explanation of the method (Sect. 2), and demonstrate the sensitivity of AAI and SCI to different aerosol (Sect. 3) and cloud (Sect. 4) parameters. In Sect. 5 we present our recent UV Aerosol Index results; the effect of a cloud filter on these results is illustrated in Sect. 6. Our data are subsequently compared to AERONET ground-based sun photometer measurements (Holben et al., 1998) in Sect. 7, and the main conclusions of the paper are summarized in Sect. 8.
Method
The UVAI is essentially a measure of the change in the amount of Rayleigh scattered light observed at the top of atmosphere caused by the presence of scattering and absorbing particles (Herman et al., 1997; Torres et al., 1998) . The UVAI is calculated using reflectances at two wavelengths in the UV range, λ and λ 0 . We selected λ = 335.5 nm and λ 0 = 376.5 nm, because at these wavelengths the reflectance is not strongly influenced by O 3 and other trace gas absorption or Fraunhofer lines. The wavelengths also lie outside of the range of a broad spectral feature around 360 nm that is caused by an error in SCIAMACHY's radiometric calibration.
In analogy to UVAI from TOMS , we calculated the UVAI using the reflectance measured at 335. nm (R meas ), and that calculated using a radiative transfer model (RTM) at the same wavelength for an atmosphere devoid of aerosol (R Rayl ). The UVAI is defined as : UVAI = −100 · 10 log R 335.5 R 376.5 meas − 10 log R 335.5 R 376.5
Rayl
(1)
The surface albedo for the calculation of R Rayl is derived from the measured reflectance at 376.5 nm, so that R meas and R Rayl are equal at 376.5 nm. It follows that:
For the calculation of UVAI, look-up tables (LUTs) were constructed that contain reflectances at λ and λ 0 for a Rayleigh atmosphere with six surface albedo values between 0 and 1. The LUTs were modelled using the RTM SCI-ATRAN 3.0, a successor to SCIATRAN 2.0 (Rozanov et al., 2002 (Rozanov et al., , 2005 ) (downloaded from: http://www.iup.physik. uni-bremen.de/sciatran/downloads/). Reflectances were calculated using the vector discrete ordinate method in a planeparallel atmosphere, taking polarisation into account. In earlier tests, it was found that including polarisation is critical to the correct calculation of UVAI (see de Graaf et al., 2005b) . In brief, the algorithm functions as follows. For each SCIAMACHY ground pixel reflectances at λ and λ 0 are read out. Using the measured reflectance at λ 0 (376.5 nm), the matching Rayleigh reflectance at λ (335.5 nm) is determined from a LUT based on the solar zenith angle (SZA), the viewing geometry (given by the line-of-sight zenith angle and the relative azimuth angle), and the average altitude of the ground pixel. The latter is determined by averaging of the GTOPO 0.1 • ×0.1 • altitude world map (http://edc.usgs. gov/products/elevation/gtopo30/gtopo30.html). For regions with large altitude gradients systematic errors occur due to the under-or overestimation of the average altitude of the satellite pixel. Because we are at present not able to correct for these errors, we devised an altitude-gradient mask. For this purpose, the surface altitude of each satellite pixel (de- termined for the calculation of UVAI, as mentioned above) was mapped onto a grid with 0.5 • ×0.5 • resolution and averaged for the studied time period (e.g. January-March, 2005 for the upper plot in Fig. 4) . The resulting altitude map was compared with a GTOPO reference map with the same spatial resolution. Grid points with absolute altitude differences larger than 0.2 km were subsequently masked out on the average UVAI map. The application of the mask removes persistent artefacts in certain regions, particularly in the Himalayas and Andes, thereby increasing the reliability of the data. The altitude-gradient mask also causes a loss of data, therefore we are working on a method to calculate pixel average surface altitude more accurately so that in a future version of our UVAI algorithm, pixels with strong altitude gradients will be treated correctly.
The LUT entries and their respective ranges are given in Table 1 . The LUT interpolation is done in two steps: in the first, a linear interpolation in six dimensions is performed to obtain six pairs of reflectances at 335.5 and 376.5 nm, corresponding to the six surface albedo values. In the second step, this dependence is interpolated using a spline function to obtain the calculated reflectance at 335.5 nm matching the measured reflectance at 376.5 nm.
The measured reflectance and the "looked up" Rayleigh reflectance at 335.5 nm are inserted into Eq. (2) to obtain the UVAI.
The positive part of UVAI is commonly defined as the Absorbing Aerosol Index (AAI); we define the negative part of UVAI as the new SCattering Index (SCI):
The largest (more or less) random errors in the UVAI calculation are caused by inaccuracies in the calibration of SCIAMACHY radiances. The calibration errors in the absolute reflectances were corrected by multiplying the reflectances with a wavelength-dependent factor (as described in (Tilstra, 2008) and references therein). Due to the wavelength-dependent degradation of SCIAMACHY radiances the UVAI have been drifting to ever higher values since the end of 2004 (Tilstra et al., 2007) . We have applied the so-called M-factors to correct the detected radiances for the effects of degradation (Bramstedt, 2007 ; see also http: //www.iup.uni-bremen.de/sciamachy/mfactors/). After the correction using M-factors, no apparent UVAI drift existed for the data presented here (from 2004 to 2006) . Because the UVAI is determined by the ratio of two reflectances, as shown in Eq. (1), it is not particularly sensitive to the absolute reflectance value. It is difficult to determine the error from SCIAMACHY reflectance calibration issues, but the error of the relative reflectance R 335.5 /R 376.5 is estimated to be on the order of 0.1% (S. Noël, personal communication, 2009) , which would imply that the error is smaller than 0.1 UVAI units. Inaccuracies introduced by interpolation of the LUTs cause errors significantly smaller than 0.1 UVAI units, and the errors in the calculation of reflectances by SCIA-TRAN3.0 are negligibly small. Taking all these errors into account, we assume here that absolute UVAI values above 0.2-0.3 are reliable.
Systematic errors can be introduced in areas with strongly varying surface altitude if the average surface altitude of the satellite pixel is not accurately determined. These errors can become quite large: on the order of 1 UVAI unit for an error in surface altitude of 0.6 km. Surface albedo effects (e.g. over desert or ocean) can also cause large systematic errors, and will be discussed in more detail in the following section.
Sensitivity of UVAI to aerosol and surface properties
The subject of sensitivity of UVAI to various parameters has been addressed in several model studies. Herman and coworkers found a near-linear dependence of UVAI on aerosol optical thickness (AOT), and an equally strong dependence on aerosol layer altitude (Herman et al., 1997; Hsu et al., 1999; Mahowald and Dufresne, 2004) . Of the other aerosol optical parameters, the single-scattering albedo (ω 0 ) has the largest influence on UVAI, especially if it is wavelengthdependent in the UV range de Graaf et al., 2005a) . We have modelled UVAI for many different combinations of aerosol parameters using the RTM SCIA-TRAN 3.0, and have found similar results as reported previously in (de Graaf et al., 2005a) . To simplify the discussion of the results presented in the following sections, we summarize some of the results in Fig. 1 . The dependence of UVAI on ω 0 is shown for two values of AOT for aerosols with an Angström coefficient of 1.5. The modelled aerosol extinction profile is triangle-shaped (a simplification of a Gaussian shape used in Torres et al., 1998 ) with a full width half maximum of 1 km, and a maximum AOT at 2, 4, or 6 km altitude as shown in the figure legend.
Single-scattering albedo values were chosen to represent all types of aerosols from strongly UV-absorbing particles (biomass burning smoke particles, mineral dust; generally ω 0 < 0.9) to purely scattering particles (sulphate or secondary organic aerosols, ω 0 >0.9).
In addition to their dependence on aerosol parameters, UVAI are sensitive to the scattering angle, i.e., solar zenith angle and viewing geometry (de Graaf et al., 2005a) . Although UVAI are sensitive to the ozone total column, the effect is small (UVAI increase by 1 unit for a change from 100 DU to 500 DU for the 340/380 nm wavelength pair; de Graaf et al., 2005a) , and is currently not taken into account in our algorithm.
As mentioned above, it was shown that neglect of polarisation in the calculation of the UVAI can lead to large errors, especially when the relative azimuth angle <90 • (de Graaf et al., 2005b) . Polarisation is of importance for radiative transfer modelling in the UV range because of the rather large number of polarising Rayleigh scattering events (Mishchenko et al., 1994 ) (on average approximately 2 at λ = 335.5 nm for clear sky, and this number increases with increasing surface reflectivity).
The UVAI are independent of surface type if the assumption is valid that surface albedo is equal at λ and λ 0 , the two wavelengths used for the calculation of UVAI. This is the case for the many surface types for which the albedo values vary by less than 0.005 (see, e.g., Kleipool et al., 2008) , but there are at least three notable exceptions: the albedo of desert surfaces may be strongly wavelength dependent (e.g., the "bare" surface type in (Kleipool et al., 2008) has albedo values of 0.080 and 0.095 for 335.5 and 376.5 nm, respectively). This may cause errors on the order of +1 UVAI unit, which should be borne in mind when UVAI over desert is observed. The two other exceptions occur on the ocean surface. The first is due to clear water absorption of solar radiation, and causes UVAI values up to about +1 (see also Sect. 5). The second is due to the presence of algae and coloured dissolved organic matter, mostly near coastlines, and causes negative UVAI values (O. Torres, personal communication, 2009) . Both of these contributions should be kept in mind when UVAI over ocean is studied.
Sensitivity of UVAI to cloud properties
The UVAI can be retrieved in presence of clouds, but it is strongly influenced by them. A cloud may affect the UVAI in three ways: first, by shielding the atmosphere below it from view, diminishing the effect of the aerosols below the cloud. Second, by enhancing the albedo for an aerosol layer above the cloud. This effect can strongly enhance UVAI for absorbing aerosols Hsu et al., 2003; de Graaf et al., 2007) . Third, the cloud itself may cause a significant UVAI signal, especially if it is a geometrically small or optically thin cloud. In the following, we will discuss the third effect in detail.
In Fig. 2 the results of a cloud sensitivity study are shown, in which clouds were modelled with either a fixed optical thickness of 50 and varying geometrical cloud fraction (CF) (thick clouds, left plot), or with varying optical thickness and fixed geometrical CF equal to 1 (thin clouds, right plot). The clouds are modelled as a Henyey-Greenstein-type aerosol with optical parameters obtained from Mie calculations assuming spherical cloud droplets (ω 0 = 1.00, asymmetry parameter g = 0.87, negligible spectral dependence of the optical parameters in the UV and visible wavelength range, see, e.g., Wendisch et al., 2005) . The UVAI are plotted against the 21 at 335.5 and 376.5 nm, respectively, and a constant g-factor of 0.68. Calculations were performed for nadir viewing geometry and a solar zenith angle of 20°. Fig. 2 for the cloud at 0-2 km altitude with solar zenith angle 20° and nadir viewing geometry. Left figure: absolute reflectances at two wavelengths in the UV range. Blue line and dots, Rayleigh atmosphere with surface albedo varying from 0.0 to 1.0 (from the LUT described in Sect. 2); green dotted line with circles, reflectances calculated for a thick cloud with CF between 0.0 and 1.0 as described in the text; red dashed line with pluses, reflectances calculated for a thin cloud with optical thickness between 0 and 50, as described in the text. Right figure: reflectances calculated for thick (green dots, dashed line) and thin clouds (red pluses, dotted line) as depicted in the left figure, but with the corresponding Rayleigh reflectance subtracted to emphasize the difference. Fig. 3 . Reflectances from RTM calculations using SCIATRAN 3.0. The same reflectances were used for the calculation of the results shown in Fig. 2 for the cloud at 0-2 km altitude with solar zenith angle 20 • and nadir viewing geometry. Left figure: absolute reflectances at two wavelengths in the UV range. Blue line and dots, Rayleigh atmosphere with surface albedo varying from 0.0 to 1.0 (from the LUT described in Sect. 2); green dotted line with circles, reflectances calculated for a thick cloud with CF between 0.0 and 1.0 as described in the text; red dashed line with pluses, reflectances calculated for a thin cloud with optical thickness between 0 and 50, as described in the text. Right figure: reflectances calculated for thick (green circles, dotted line) and thin clouds (red pluses, dashed line) as depicted in the left figure, but with the corresponding Rayleigh reflectance subtracted to emphasize the difference.
effective cloud fraction (CF eff ). In the FRESCO+ algorithm (Koelemeijer et al., 2001 ) CF eff is defined as the linear combination of the 758-nm reflectance of a cloud-free pixel with that of a pixel covered by a homogeneous cloud with TOA albedo equal to 0.8. According to this definition, CF eff is equal to the geometrical CF for thick (cloud optical thickness of 50), homogeneous clouds. We have adopted this method for our simulations, thus CF eff is a linear function of the reflectance at 758 nm, where a cloud-free scene has CF eff = 0, and a scene with an optically thick, homogeneous cloud has CF eff = 1.
In Fig. 2 it can be seen that UVAI depends strongly and non-linearly on CF eff , and is somewhat different for optically thin (geometrical CF = 1) and optically thick (optical thickness = 50) clouds. The reason that clouds with CF eff <1 cause non-zero UVAI values is that such clouds affect the spectral contrast in the UV range in a different way than an increase in homogeneous surface albedo, as used in the calculation of UVAI, does. In the left plot in Fig. 3 simulated reflectances at 335.5 nm and at 376.5 nm (R 335.5 and R 376.5 , respectively) are plotted against each other for three different cases: clear (Rayleigh) atmosphere with surface albedo varying between 0 and 1; thick clouds with CF eff between 0 and 1; and thin clouds with CF eff between 0 and 1. The reflectance of thick clouds was calculated using the independent-pixel approximation, therefore R 335.5 depends linearly on R 376.5 . For thin clouds, RTM calculations show a similar, near-linear dependence of R 335.5 on R 376.5 . In contrast, for a Rayleigh atmosphere with varying homogeneous surface albedo the dependence of R 335.5 on R 376.5 is distinctly non-linear. This can be seen more clearly in the right plot in Fig. 3 , where the difference between cloud reflectances and corresponding Rayleigh reflectances at 335.5 nm is plotted against R 376.5 . The non-linear behaviour of reflectance (w.r.t. surface albedo) is a result of multiple surface and Rayleigh scattering in the observed wavelength range. For a cloud-free atmosphere the average number of Rayleigh scatter events at the UVAI wavelengths initially decreases with increasing surface albedo, reaching a minimum for a surface albedo of 0.2 (at 335.5 nm) or 0.4 (at 376.5 nm), then increases approximately quadratic with increasing surface albedo (unpublished results). For clouds on the other hand, the number of Rayleigh scattering events increases linearly (near-linearly for thin clouds) with increasing TOA albedo. Consequently, the number of Rayleigh scattering events, and thus the spectral contrast between 335.5 nm and 376.5 nm, is larger for clouds with CF eff <1 than for the corresponding Rayleigh case, leading to negative UVAI values according to Eq. (1). It is interesting, though not surprising, to note here that similar results are obtained for a pixel with heterogeneous surface albedo, consisting of a "dark" part (with small surface albedo, e.g., 0.05) and a "light" part (with large surface albedo, e.g., 0.80).
The most important results from the cloud-modelling study are that clouds with small CF eff cause negative UVAI (non-zero SCI), and that clouds with CF eff between 5% and 50% cause the largest SCI. It is worth mentioning here that the non-linearity of the dependence of UVAI on CF makes it impossible to interpolate results obtained for clouds with CF eff = 1 to partial and thin clouds: the conclusion that clouds have UVAI value close to 0 is clearly only valid for clouds with large CF eff .
The dependence of UVAI on CF eff is shown for different viewing geometries by the blue and green points in Fig. 2 . These were calculated for viewing angles between 0 • and 30 • , and for azimuth angles of 0 • , 90 • , and 180 • .The shape of the CF eff dependence of UVAI is similar for all but the most extreme viewing angles for SZA≤40 • , but becomes more strongly dependent on viewing geometry for SZA = 60 • (not shown). The altitude of the clouds was also varied in this study, with the lowest cloud at 0-2 km, and the highest at 12-14 km. In Fig. 2 it can be seen that the altitude of the cloud has only a minor influence on the UVAI, in agreement with Fig. 1 (for ω 0 = 1.0). It is interesting to note, however, that high clouds with CF eff close to 1 can cause small positive UVAI. The reason for this is that a high cloud shields a large fraction of the Rayleigh scattering molecules from sight of the satellite.
Simulations with g values representative of ice clouds (0.75 to 0.90, depending on ice crystal shape, see Wendisch et al., 2005) were also performed, and gave similar results as shown here for spherical particles (g = 0.87).
The modelling results presented here have obvious consequences for (average) AAI and SCI values, and indicate the importance of accounting for cloud effects when UVAI are to be used in a quantitative manner.
From Fig. 2 it follows that a cloud filter with a CF eff threshold of 5% does not exclude contributions of small or thin clouds to the UVAI signal completely. Because the simple cloud fraction threshold is not an adequate filter for small and thin clouds, we are working on an improved cloud correction method for the UVAI that exploits the differences in wavelength dependence of cloud and aerosol optical parameters (most notably, optical thickness). For this, we will make use of SCIAMACHY's large wavelength range by using reflectances at large wavelengths to distinguish between the effects of clouds and aerosols. The cloud correction will be beneficial to both SCI and AAI, because thin clouds reduce the AAI in the same way as they enhance the SCI.
Seasonal averages of UVAI
In Fig. 4 , we show results from our UVAI algorithm: seasonally averaged UVAI for the months January to March and for July to September, 2005. The colour scale was chosen to make absorbing aerosols appear in blue, scattering aerosols (those that absorb little or no UV radiation) and clouds in yellow and red. No cloud filtering was applied to obtain these figures (the effect of a cloud filter is demonstrated in the next section), but pixels in sun glint geometry (sun glint deviation angle <18 • , see Tilstra, 2008) were discarded. We removed pixels with SZA above 60 • , because for higher SZA the UVAI become increasingly dependent on solar and viewing angles (see Fig. 1 in de Graaf et al., 2005a) . We also applied a mask to remove pixels potentially affected by errors in the calculation of mean surface altitude, as explained in Sect. 2.
The principal sources of UV-absorbing aerosols are biomass burning and deserts. In the greater part of the socalled global dust belt (the world's largest deserts in Africa and Asia, located between 20 • −40 • N) the meteorological situation is most favourable for desert dust formation in June, July, and August, causing the largest AAI values to occur in those months. Biomass burning activity also depends on season: in December and January, many fires are found in sub-Saharan Africa, whereas from February to April, largescale agricultural burning takes place in Southeast Asia. On the Southern Hemisphere, most notably in the Amazon rainforest and in southern Africa, the biomass burning season peaks in August and September. The AAI results shown in Fig. 4 are very similar to previously shown results from GOME and SCIAMACHY (de Graaf et al., 2005a, b ; see the TEMIS website at http://www.temis.nl/airpollution/absaai/), and from OMI (http://toms.gsfc.nasa.gov/aerosols/aerosols v8.html).
The SCI results have not been presented in this fashion before. In Fig. 4 , there are some apparent hotspots concerning the SCI: in the Amazon (both plots), in southern Africa (upper plot), and in central Africa, Southeast USA, and Southeast Asia (lower plot). Although clouds can make a significant contribution to the SCI (as discussed in detail below), we will provide evidence that these "hotspots" are most probably not -or not completely -caused by cloud cover.
Cloud filter
To eliminate cloud effects, we filtered the data shown in Fig. 4 by removing ground pixels containing cloud fractions higher than 5% according to the HICRU algorithm (Grzegorski et al., 2006) . The results are shown in Fig. 5 . The threshold value of 5% was chosen to remove most of the cloudy pixels without losing too many pixels containing aerosols misclassified as clouds. Geometrically small and optically thin (e.g. cirrus) clouds may escape the cloud filtering procedure, and are expected to contribute to the UVAI signal, as was discussed in Sect. 4.
When comparing Figs. 4 and 5, the effect of clouds on UVAI (mainly SCI) immediately becomes clear. Whereas in Fig. 4 the oceans are almost completely coloured yellow (SCI is around 1), in Fig. 5 a more grey background is seen, indicating a value much closer to 0 for most of the oceans (except for the regions with strong clear water absorption, where AAI is 0.5 or higher). The patterns of the absorbing aerosols remain the same after cloud-filtering of the data, although some pixels containing mineral dust over ocean have apparently been mistaken for clouds and have therefore been discarded. This may happen for scenes with AOT in the visible wavelength range on the order of 2 or higher. Also, in the lower figure most of the biomass burning plumes in the Amazon and especially in southern Africa have disappeared after cloud-filtering. The reason is that in these regions, absorbing aerosols often co-exist with clouds, in some cases forming an aerosol layer above low-lying clouds (see e.g., Chand et al., 2008) . These pixels are discarded as a consequence of our cloud-filtering procedure.
The "SCI hotspots" mentioned in the previous section have remained after cloud-filtering. Their spatial and seasonal patterns (most notably in Southeast USA and Southeast Asia) appear to be in agreement with an enhanced amount of scattering aerosols in summertime. In addition, the average SCI values in these and other regions are much higher than would be expected from clouded scenes alone (as shown in Sects. 3 and 4). Nevertheless, the contribution of small and thin clouds that slipped through the cloud filter is significant in Fig. 5 , e.g., over large parts of the oceans (although part of this signal might come from ocean colour effects and scattering aerosols). figure) and July, August, and September (lower figure) 2005. Pixels with cloud fractions >5% (determined by the HICRU algorithm (Grzegorski et al., 2006) ) were discarded, as were pixels with SZA >60 • and those in sun-glint geometry. Pixels with strong altitude gradients are masked out. The blue colour indicates the presence of absorbing aerosols, whereas the yellow-red colour indicates scattering aerosols and clouds. Magenta dots mark the locations of the AERONET sites studied in Sect. 7 (from West to East): Walker Branch (Tennessee), GSFC (Maryland), Ilorin (Nigeria), Mongu (Zambia), Mukdahan (Thailand), Bac Giang (Vietnam).
Comparison of UVAI with AOT from AERONET
Six ground-based sun photometer AERONET stations (Holben et al., 1998) were selected for a comparison with SCIAMACHY UVAI (see Fig. 5 for the locations of the AERONET stations). In Figs. 6-8 we show (from top to bottom) UVAI values from SCIAMACHY, and AOT (at 340 nm) and ω 0 (at 440 nm) from AERONET. For the UVAI averages, a region of 2 • ×2 • around each AERONET station was selected, and UVAI data were averaged for the selected region either on a daily (blue dots) or a monthly (green dots and lines) basis for the years 2004-2006. The procedure was repeated for regions of 4 • ×4 • around the AERONET stations with very similar results as presented here. Measurements where the HICRU cloud fraction exceeded 5% were discarded, as were measurements where SZA exceeded 60 • . The UVAI data from the regions presented here were not affected by errors due to surface altitude gradients, except for data from the Walker Branch station, which is located north of a mountain range. To estimate the effect of the error due to inaccurate terrain height calculations, we determined average UVAI values for an area shifted northwards by 1 • . Although errors of up to 0.5 UVAI units (0.3 km altitude error) for pixels located south of the AERONET station may be expected, the effects appear to be smoothed out by averaging and do not significantly affect the seasonal trend.
The data from AERONET are both daily (blue) and monthly (green) averaged cloud-cleared level 2.0 AOT data, measured at 340 nm. AERONET measurements with SZA >60 • were discarded, and only those data points are displayed that were measured within one hour of the satellite overpass time (10:30 a.m. local time at the equator). In the lower panels in Figs. 6-8, the AERONET level-1.5 singlescattering albedo values determined at 440 nm are shown. The value of ω 0 depends on wavelength (Dubovik et al., 2002) , with ω 0 at 440 nm usually smaller than in the UV range. However, some aerosols are more absorbing in the UV range, for example in the case of mineral dust (Dubovik et al., 2002) or "brown" carbon aerosols (Kirchstetter et al., 2004; Barnard et al., 2008) . For most of the examples shown in Figs. 6-8, ω 0 at 440 nm appears to be a good indicator of absorbing (ω 0 roughly below 0.9) and scattering (ω 0 roughly above 0.9) aerosols: high SCI values correspond to days with high AOT and high ω 0 , whereas high AAI values correspond to days with high AOT and low ω 0 .
Two of the AERONET stations are located in the southeast of the USA: Walker Branch (Tennessee) and GSFC (Maryland). At both stations high amounts of scattering aerosol 25 Walker Branch (36°N, 84°W) GSFC ( particles are found in summer. This becomes clear from the upper plots in Fig. 6 , where a summer minimum UVAI can be seen (more apparent at Walker Branch than at GSFC). In the plots with single-scattering albedo it can be seen that during summer, when AOT is high, the aerosols are highly reflective (ω 0 at 440 nm is between 0.94 and 1.0). This is in agreement with the hypothesis that the aerosols detected at GSFC and Walker Branch stations are mainly secondary organic aerosols formed by reactions of volatile organic compounds with atmospheric trace gases, such as NO x and SO x (Goldstein et al., 2009) .
At the two stations in Africa, Mongu (Zambia) and Ilorin (Nigeria), the aerosol seasonal cycle is defined by the presence of biomass burning smoke during the dry season. For Mongu the dry season lasts from July to November, whereas in Ilorin it starts in November and ends in May/June. The seasonal trend can be recognized in the UVAI data shown in Fig. 7 on aerosol layer height as well as AOT and ω 0 . This may be the reason that much higher AAI values are found at Ilorin than at Mongu, even though the AOT values measured at the two stations are roughly comparable. Good agreement between AAI and AOT was found in previous studies at various African AERONET sites (e.g., Hsu et al., 1999) . In Southeast Asia, the selected AERONET stations are located in Vietnam (Bac Giang) and Thailand (Mukdahan). Here, the situation is more complicated: in the first four months of the year, smoke from biomass burning activities (both local and transported) dominates the aerosol signal. High AOT values are found during this season, which peaks in March-April (Fig. 8) . A second AOT peak can be discerned in the latter part of the year, with a maximum in August-October. These aerosols are characterized by high ω 0 values (most clearly seen in the Mukdahan data). The seasonal pattern of UVAI correspondingly shows positive values during the biomass burning season (peaking in March-April), and negative values in August-October (most clearly seen in Bac Giang, probably due to higher AOT).
The seasonal cycle is not very evident in the ω 0 data, which may be caused by the fact that ω 0 measured at 440 nm is not representative of ω 0 in the UV range (see above). Alternatively, the apparent discrepancy may be due to the small number of ω 0 measurements (factor of 6-7 smaller than the number of AOT measurements) at the two Southeast Asian AERONET sites, leading to bad statistics. It is, however, known from fire counts and other (satellite) data that a lot of biomass burning occurs in spring in Southeast Asia. In contrast, the high AOT values detected by AERONET in autumn cannot be attributed to either large-scale biomass burning or mineral dust particles, and therefore are, most likely, caused by scattering aerosols.
These examples demonstrate the importance of studying not only the positive UVAI values, but also the negative UVAI values: if only the AAI is studied, no aerosols are detected at the two AERONET stations in the Southeast USA, and in Southeast Asia only the biomass burning aerosols would be observed.
Conclusions
In this paper we introduced the SCI as an indicator for the presence of scattering aerosols (that barely absorb UV radiation) and thin or partial clouds. The SCI is a counterpart to the established AAI, which has been used for over a decade as a semi-quantitative measure of aerosols that absorb UV radiation. Advantages of AAI include the insensitivity to most surface types and the possibility to calculate AAI in the presence of clouds. For the SCI, the same advantages apply, making it a useful tool for the monitoring of scattering aerosols.
For the correct interpretation of SCI and AAI, cloud effects have to be taken into account. We performed extensive modelling studies using the SCIATRAN3.0 radiative transfer model to obtain more insight into the sensitivity of UVAI to aerosol and cloud parameters. We found that clouds cause UVAI up to −1.5 for effective cloud fractions of approximately 30-50% (thick clouds), or 5-30% (thin clouds). The magnitude of cloud UVAI depends on solar and viewing angles, but the general shape of the dependence of UVAI on effective cloud fraction is very similar for all studied cases. A point worth mentioning is that high, thick clouds with large cloud fractions may cause (small) positive UVAI -therefore appearing as absorbing aerosols in certain cases.
If effects of clouds -i.e., shielding, albedo enhancement, but in particular the contribution of clouds to UVAI -are properly accounted for, the SCI can be used to study scattering aerosols. We note here, however, that desert and ocean regions need to be treated with caution: strongly wavelengthdependent surface albedo, as may occur in deserts or in ocean regions (either by clear-water absorption or due to the presence of coloured matter) can cause systematic errors of up to ±1 UVAI unit.
The global distribution of SCI (Figs. 4 and 5) , its seasonal cycle, and the high seasonally averaged SCI values in certain regions (in particular, Southeast USA and Southeast Asia) are indications that scattering aerosols (and not only clouds) are being detected. The good overall agreement of monthly averaged SCI and AOT (Fig. 6) at the GSFC and Walker Branch AERONET stations is a good argument that SCI is, indeed, an indicator of scattering aerosols. The UVAI also follows the complex seasonal behaviour of aerosols at the Bac Giang and Mukdahan AERONET stations, with enhanced amounts of absorbing aerosols causing positive UVAI in spring, and enhanced amounts of scattering aerosols causing negative UVAI during summer.
It is important to stress here that both AAI and SCI are quantities that depend in complex ways on aerosol absorption and aerosol layer altitude, as well as on aerosol optical thickness. In particular, negative UVAI values can be caused by (a low-altitude layer of) absorbing aerosols, just as positive UVAI values can be associated with (a high-altitude layer of) scattering aerosols (see Fig. 1 and Herman et al., 1997; Torres et al., 1998; de Graaf et al., 2005a) .This means that the UVAI are not sufficient for the retrieval of aerosol (optical) properties directly. However, if two of these properties (e.g., aerosol optical thickness and layer height) are known, the UVAI can be used to determine the single-scattering albedo -a parameter of significance for the quantification of aerosol radiative effects. Only if the full extent of UVAI -AAI as well as SCI -is regarded, a complete picture of aerosol absorption can be obtained.
In the future, we intend to combine aerosol absorptive properties inferred from UVAI with auxiliary information, e.g. AOT and/or aerosol layer altitude from SCIAMACHY (reflectances in the visible, absorptions, or Raman scattering effects) or from other satellite instruments in order to calculate aerosol radiative effects.
We plan to also use UVAI from data from other satellite instruments such as GOME-2 and OMI. These instruments achieve global coverage nearly daily, and consequently provide us with better statistics. We will also use the aerosol information from UVAI to improve trace gas retrievals, in particular by improving the calculation of air-mass factors that are used for the derivation of the vertical column density from the slant column density.
